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Abstract 
Correct interpretation of surface stresses and deformation or displacement during 
volcanotectonic episodes is of fundamental importance for hazard assessment and dyke-path 
forecasting. Here we present new general numerical models on the local stresses induced by 
arrested dykes. In the models, the crustal segments hosting the dyke vary greatly in 
mechanical properties, from uniform or non-layered (elastic half-spaces) to highly anisotropic 
(layers with strong contrast in Young’s modulus). The shallow parts of active volcanoes and 
volcanic zones are normally highly anisotropic and some with open contacts. The numerical 
results show that, for a given surface deformation, non-layered (half-space) models 
underestimate the dyke overpressure/thickness needed and overestimate the likely depth to 
the tip of the dyke. Also, as the mechanical contrast between the layers increases, so does the 
stress dissipation and associated reduction in surface stresses (and associated fracturing). In 
the absence of open contacts, the distance between the two dyke-induced tensile and shear 
stress peaks (and fractures, if any) at the surface is roughly twice the depth to the tip of the 
dyke. The width of a graben, if it forms, should therefore be roughly twice the depth to the tip 
of the associated arrested dyke. When applied to the 2009 episode at Harrat Lunayyir, the 
main results are as follows. The entire 3-7 km wide fracture zone/graben formed during the 
episode is far too wide to have been generated by induced stresses of a single, arrested dyke. 
The eastern part of the zone/graben may have been generated by the inferred, arrested dyke, 
but the western zone primarily by regional extensional loading. The dyke tip was arrested at 
only a few hundred metres below the surface, the estimated thickness of the uppermost part 
of the dyke being between about 6 and 12 m. For the inferred dyke length (strike dimension) 
of about 14 km, this yields a dyke length/thickness ratio between 2400 and 1200, similar to 
commonly measured ratios of regional dykes in the field.  
 
Keywords: Dyke propagation, dyke arrest, surface deformation, grabens, crustal stresses, 
numerical models 
 
1. Introduction 
 
Most volcanic eruptions occur when a magma-filled fracture is able to propagate from its 
source to the surface. In many central volcanoes (composite volcanoes/stratovolcanoes and 
collapse calderas) the source is a shallow magma chamber, in which case the local stress field 
may favour inclined (cone) sheets rather than vertical dykes. In areas of rifting outside central 
volcanoes, however, the regional stress field controls the magma propagation path. In rift  
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Fig. 1. Main Cenozoic lava files (referred to as harrats) in western Saudi Arabia (their 
location in a wider geographic context is on the inset). Modified from a map of the SGS 
(https://www.sgs.org.sa, 2011).  
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zones the minimum principal compressive stress σ3 is normally horizontal and parallel with 
the spreading or rifting vector. Since all magma-filled fractures generally form perpendicular 
to the σ3 it follows that the greater parts of magma paths tend to be vertical dykes.  
 Most dykes (and inclined sheets) do not reach the surface to erupt but rather become 
arrested (stop their propagation path, stall) at various depths in the crust (Gudmundsson, 
2002, 2003; Moran et al., 2011; Rivalta et al., 2015; Townsend et al., 2017). The conditions 
for dyke arrest have been studied in the field (Gudmundsson, 2002, 2003; Gudmundsson and 
Philipp, 2006; Tibaldi, 2015) and through analogue models (Kvanagh et al., 2006), numerical 
models (Gudmundsson and Philipp, 2006; Barnett and Gudmundsson, 2014; Rivalta et al., 
2015; Townsend et al., 2017), and analytical models (Gudmundsson, 2011a,b). 
Understanding these conditions is of fundamental importance in theoretical and applied 
volcanology. Despite all the available instrumentation for volcano monitoring, we still cannot 
forecast dyke-propagation paths once a dyke has been initiated during magma-
chamber/reservoir rupture. It follows that we cannot make reliable forecasts as to (i) what the 
likely path of the dyke is going to be and, in particular, (ii) whether or not the dyke is going 
to reach the surface and erupt or, alternatively, (iii) become arrested at some depth in the 
volcano. Direct field studies of arrested solidified or ‘frozen’ dykes, as well as geodetic and 
seismic studies of dyke arrest during unrest periods, are of great importance for improving 
our understanding of dyke propagation and dyke-fed eruptions.  
 There have been many reported dyke arrests in recent decades. In some unrest periods 
many dykes have become arrested while at the end of the unrest period one or more dykes 
have reached the surface to erupt. A well-documented case of this type is the unrest in the 
volcano Eyjafjallajökull in South Iceland for nearly two decades before its 2010 eruption. 
During the period 1993 until 2010 there were 4-5 dyke injections that became arrested, some 
of the dykes changing into sills, until in March 2010 a new dyke injection reached the surface 
and erupted (Sigmundsson et al., 2010). Many dykes and sills are exposed in the volcano, 
suggesting that episodes of this kind are common (Gudmundsson, 2017).  Many unrest 
periods with dyke injections, however, have not resulted in eruptions. One happened in 
Tenerife, Canary Islands, in 2004 (Garcia et al., 2006; Gottsmann et al., 2006), and another 
one in Harrat Lunayyir in western Saudi Arabia in 2009 (Baer and Hamiel, 2010; Pallister et 
al., 2010; Xu et al., 2016). This latter one is the main topic of the present paper. 
 This paper has two aims. The first is to present new and general results on dyke-induced 
stresses in crustal segments with contrasting mechanical properties. Here the focus is on new 
numerical models on dykes arrested with their tips at various crustal depths and hosted by 
rocks with mechanical properties that range from elastic half spaces (uniform properties) to 
those with alternating stiff (high Young’s modulus) and soft (compliant, low Young’s 
modulus) layers. The results are completely general, but are here applied to the 2009 
volcanotectonic unrest period in Harrat Lunayyir in Saudi Arabia (Figs. 1 and 2). The second, 
and main, aim is thus to use the numerical results, as well as some analytical models together 
with field observations of the associated surface deformation, to make new estimates of the 
dimensions, the depth to the tip at arrest, and contribution to surface deformation of the dyke 
inferred to have been emplaced during the 2009 episode. We also put the dyke propagation 
and arrest in Harrat Lunayyir into general context of arrested dykes, their dimensions, and 
aspect (length/thickness) ratios, as obtained in direct field studies. Furthermore, we explain  
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Fig. 2. Details of the Harrat Lunayyir volcanic field. On the inset, the location of the field 
within the fields shown in Fig. 1. 
 
the likely conditions for the 2009 dyke arrest in Harrat Lunayyir and the implications of the 
results for volcanic hazards. For understanding the 2009 episode, we first provide brief 
outline of the geological setting of the Harrat Lunayyir, as well as a short overview of its 
volcanic geology.  
 
2. Regional geological setting 
 
The Harrat Lunayyir forms a part of the Arabian Plate, which is adjacent to the African Plate, 
with several other plates being nearby (Fig. 1). The eastern part of the Arabian Plate consists 
of a late Proterozoic shield (Genna et al., 2002) which is bounded to the southwest by the 
African Plate, the Red Sea rift separating the plates. The other plates in the area are the 
Eurasian Plate, in the east, and the Anatolian Plate, in the north. The Arabian Plate was 
generated by the African Rift that led to the formation of the Red Sea and the Gulf of Aden 
during a rifting episode which began about ~25 Ma ago (Stern and Johnson, 2010). 
The Red Sea is considered an active rift zone that emerged from a weakness formed 
during continental rifting in the pre-Cambrian era (Cochran and Karner, 2007; Bailey, 2009).  
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Fig. 3. Volcanic geology of the Harrat Lunayyir volcanic field. a. Basaltic lava flow of 
Quaternary age (Maqrah basalt). b. Basaltic lava flow of Tertiary age (Jarad basalt). c. An 
irregularly shaped basaltic dyke, light coloured (people standing on the dyke). d. Volcanic 
ash partly covering a hill. The thickness of the nearby pahoehoe lava flow is a few tens of 
centimetres.  
 
The present rifting led to the expansion and propagation of the Red Sea from the south to the 
north. Currently, the Red Sea extends from 30° N (the north limit of the Gulf of Suez) to 
12.5° N (where it meets the Gulf of Aden), with a total north-south length of about 2,250 km 
and a maximum east-west width of about 354 km – the oceanic crust itself being of maximum 
width of about 100 km. The Red Sea may be regarded as an excellent example of the early 
stages of ocean development through sea-floor spreading. The Gulf of Aqaba-Dead Sea 
Transform Fault represents another major tectonic element in the area. During spreading of 
the Red Sea, parts of the Arabian Shield have become extended and thinned (as discussed 
below) with associated formation of dyke swarms and volcanic fields, one of which is the 
Harrat Lunayyir (Genna et al.,2002; Hansen et al., 2013).  
The Arabian Shield itself occupies one-third of the Arabian Peninsula with an estimate 
area ranging from 670,000 km
2
 to 725,000 km
2
 (Brown et al., 1978). The Arabian Shield it is  
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Fig. 4.  Image and sketch of a part of one of the main faults on the western side of the 
fracture zone/graben formed during the 2009 episode. The total length of the fault part seen 
here is about 2.5 km. The inset in the left lower corner shows the length of the entire fault and 
its location within Harrat Lunayyir. 
 
a part of a larger group referred to as the Arabian-Nubian Shield whose total area is around 
2.7 × 10
6
 km
2
 (Rodgers et al., 1999; Johnson and Woldehaimanot, 2003). Precambrian 
crystalline rocks, Phanerozoic sedimentary rocks, and Cenozoic flood basalts (such as at 
Harrat Lunayyir) constitute the uppermost part of the western part of the Arabian Shield. This 
is the part that occupies the northeast flank of the Red Sea, including the well-exposed  
highlands of Yemen and the central part of Saudi Arabia, Najd (Powers et al., 1963; Stern  
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Fig. 5. Tension fractures at the western side of the fracture zone/graben, generated during 
the 2009 episode. a. The tension fracture cutting through pyroclastic and sedimentary rocks 
and lava at the surface, with irregular walls and considerable collapse. The person provides 
a scale. b. Close-up of part of the tension fracture in a. The maximum opening at the surface 
is a few metres, but partly due to collapsed walls c. Tension fracture dissecting pyroclastic 
and sedimentary rocks. The overall strike of the fracture, indicated schematically by an 
arrow, is north-northwest (cf. Fig. 8). The persons provide a scale. 
 
and Johnson., 2010) (Fig. 1).  The average crustal thickness of the Arabian Shield is about 40 
km (Al-Damegh et al., 2005), but the crust becomes thinner towards the coast of the Red Sea 
where the thickness is 23-25 km. Similar crustal thicknesses occur in the Nubian Shield on 
the west side of the Red Sea, the thickness being 25-26 km in Egypt within 50 km of the 
coast of the Red Sea (Hosny and Nyblade, 2014). The crustal thickness in the eastern part of 
the Arabian Shield is much greater than in the western part (Camp and Roobol, 1992; Stern, 
2008). Duncan and Al-Amri (2013).  
Close to the volcanic areas of the Arabian Shield is the Afar Triangle, a depression 
generated by the Afar Triple Junction (Waltham, 2005) where the rift zones of the Red Sea, 
the Gulf of Aden, and the East African Rift meet (Keir et al., 2012). The crustal spreading is  
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Fig. 6. Close-up of a northwest-striking tension fracture dissecting pyroclastic and 
sedimentary rocks at the western side of the fracture zone/graben generated during the 2009 
episode. In these compliant layers, there is considerable collapse, so that opening at the 
surface appears much greater than the real opening (seen in the deepest exposed part of the 
fracture). The car and the person provide a scale.  
 
at the rate of 1-2 cm/year across each of the arms or legs of the Triangle. The Triangle is also 
the site of a hot spot, and widely regarded as the surface expression of a deep mantle plume 
(Hansen et al., 2013). 
 
3. Volcanic geology of the Harrat Lunayyir  
 
The western part of the Arabian Plate has been volcanically active during the Cenozoic. The 
activity has been largely confined to two episodes: one happened from 30 to 20 Ma ago while 
the other began some 12 Ma ago and is still continuing (Roobol et al., 1992). The cumulative 
area covered by these relatively young volcanic materials is about 80,000 km
2
. The lava 
fields themselves are commonly known as ‘Harrats’ (Pint, 2006). Harrat Lunayyir (also 
known as Harrat Al-Shaqa) is one of smallest and youngest of the alkali basaltic Holocene 
lava fields in western Saudi Arabia.  More specifically, the lava field is located northwest of 
the city of Medina (Al-Madinah Al Munawwarah in Arabic) between latitudes 25° 10` - 25° 
17` N and longitudes 37° 45` - 37° 75` E. The lava field is somewhat elongated in the  
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Fig. 7. Mixed-mode fracture, an open normal fault, generated during the 2009 episode and 
dissecting sedimentary rocks at western side of the fracture zone/graben, generated during 
the 2009 episode. The trace of the fracture is curved, a common geometry of normal faults 
and tension fractures in mechanically weak rocks. The overall strike is northwest. Where the 
person is kneeling, the maximum throw is about 0.9 m while the opening is about 0.4 m. The 
people and the car provide a scale.  
 
northwest-southeast direction and located about 60 km east of the nearby coast of the Red 
Sea or, alternatively, some 150 km east of the Red Sea spreading centre (Al-Amri and Fnais, 
2009; Baer and Hamiel, 2010; Al-Zahrani et al., 2013; Duncan and Al-Amri, 2013) (Fig. 2).   
Harrat Lunayyir is characterised by Cenozoic alkali-olivine-basalt lava flows (Duncan 
and Al-Amri, 2013) and about 50 monogenetic crater cones (Baer and Hamiel, 2010). The 
basaltic lava flows in the area have been divided into ‘an older Tertiary unit (Jarad basalt)’ 
and ‘a younger Quaternary unit (Maqrah basalt)’ by Al-Amri et al. (2012) (Fig. 3). 
Precambrian rocks are exposed in the northern, southern, and eastern parts of Harrat 
Lunayyir, while in the central part the Precambrian rocks form only isolated outcrops 
(Duncan and Al-Amri, 2013). Volcanic activity in Harrat Lunayyir began about 0.5 Ma ago. 
The youngest lava flows in the field are generally regarded as about 5000 year old (Al-Amri 
and Al-Mogren, 2011). Eruptions in the area, however, may be more recent, since there is 
some evidence that one of the crater cones was formed about 1000 years ago (Baer and 
Hamiel, 2010). 
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4. The 2007 and 2009 volcanotectonic episodes   
 
Harrat Lunayyir was until recently considered inactive. As indicated above, the last eruption 
in the area is at least 1000 years old and more likely 5000 years old. However, in October 
2007 a volcanotectonic episode began in the area, characterised by an earthquake swarm (Al-
Amri and Al-Mogren, 2011; Mukhopadhyay et al., 2013; Zobin et al., 2013). The earthquake 
swarm was comparatively small, including about 500 earthquakes, the largest one being of 
moment magnitude M3.2. The swarm came to an end in May 2008. The swarm indicates a 
source with a northwest-southeast strike and located at depth in excess of 10 km. No surface 
deformation was associated with this episode (Xu et al., 2016).  
 Another volcanotectonic episode began 18 April 2009, reached its peak 17-19 May, and 
came to an end in July the same year (Al-Mahri et al., 2009; Baer and Hamiel, 2010; Pallister 
et al., 2010; Koulakov et al., 2014; Xu et al., 2016). Again, there was an earthquake swarm 
with a general northwest-southeast strike, but the swarm was located some 15 km to the 
northwest of the 2007 swarm. The 2009 swarm generated over 30,000 recorded earthquakes, 
peaked in its intensity 17-19 May with a sequence of 7 earthquakes of M>4, including the 
largest earthquake during the episode, of M5.7 (Baer and Hamil, 2010; Xu et al., 2016). The 
focal mechanisms of the M>4 earthquakes indicate primarily normal faulting, some of which 
showed evidence of strike-slip components. The main episode came to an end in July 2009. 
Al-Zahrani et al. (2013) estimate the focal depth of the largest earthquake, M5.7, as 9 km. 
Most of the earthquakes were located at depths of 5-15 km and have an overall strike of 
NNW-SSE (Xu et al., 2016).  
 In addition to the earthquake swarm, there was extensive surface deformation during the 
2009 episode (Figs. 4-7). There was, first, a broad area of uplift and extension, the area being 
about 2000 km
2
 with a maximum uplift of about 0.4 m and an extension of about 1 m 
(Pallister et al., 2010). The total NNW-SSE length of the uplifted area is 14-15 km (cf. Fig. 
4). Subsequent studies suggest a total extension of about 1.5 m across the deformation zone, 
and a subsidence of a maximum of 0.8 m in the central part of a ‘graben’ that dissects the 
dome (Baer and Hamel, 2010). Doming normally generates tensile and shear stresses in the 
surface layers, as is well known from analytical models (e.g., Gudmundsson, 1987, 1999), 
and the same applies to general spreading (e.g., Gudmundsson, 2017). These stresses, in turn, 
may reach the tensile or shear strength of the rocks so as to generate tension fractures and/or 
normal faults. While regional doming, possibly combined with general spreading, very likely 
contributed to the observed fracture formation during and prior to the 2009 episode, the focus 
here is on the dyke-induced stresses and fracture formation. As indicated above, the particular 
aim is to understand how much of the fracture pattern could have been generated by dyke-
induced stresses and how deep the dyke tip would have to be to generate the fractures. 
Following the established tradition, we use the word ‘graben’ for the general surface 
deformation of the 2009 episode. Later in the paper, however, we discuss in which way, if 
any, the actual deformation can be regarded as a classical graben structure.  
 
4.1 Surface fractures  
In addition to the uplift and general extension, there was considerable fracture development, 
particularly close to the centre of the uplift or dome. The fractures are of two main types:  
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Fig. 8. Main fractures generated or reactivated during the 2009 episode in relation to the 
projected strike and strike dimension (length) of the associated dyke.  a. The principal 
active/new fractures during the 2009 episode in relation to the surface projection of the 
inferred dyke, broken line A to A’, and the lava field of Harrat Lunayyir. Notice the 
difference in strike between the dyke and the fractures, particularly the main fractures 
(tension fractures and normal faults) at the western margin of the fracture zone/graben. b. 
Detailed map of the fracture pattern generated during the 2009 episode. Notice the variety in 
fracture strike in comparison with the inferred dyke strike and the broad system of (tension) 
fractures at the eastern side of the fracture zone/graben. In this interpretation, the projection 
of the dyke dissects some of the fractures at the western side of the fracture zone/graben. 
Data from Baer and Hamil (2010).  
 
tension fractures (Figs. 5-6) and normal faults (Fig. 7). The tension fractures and normal 
faults that formed or became reactivated during the volcanotectonic episode reach  
cumulative lengths of up to 8 km (Figs. 4-6; cf. Baer and Hamiel, 2010; Pallister et al., 2010). 
While the rupture was still clearly seen during our field studies in 2015 and 2016, in the 
sedimentary and tephra layers subsequent collapses and erosion make it difficult to estimate 
the openings accurately (Figs. 5-7). The field data, however, show that many of the fractures 
that constitute the rupture zone are pure tension fractures rather than normal faults (Figs. 5-6).  
Normal-fault displacement was, however, seen on some of the fractures (Fig. 7). The most 
accurately measured displacement measured in the field was made during the episode (in 
June 2009) by Pallister et al. (2010) where they measured a normal fault along part of its 8-
km-long surface rupture. Their results show an open or gaping normal fault with a vertical 
displacement or throw of 0.78 m and opening (aperture) of 0.45 m. The fault wall is vertical 
(Fig. 7). This fault is thus clearly a mixed-mode (mode I and mode II) fault formed at the 
surface in absolute tension – similar to numerous mixed-mode fractures in the pahoehoe lava 
flows in the rift zone of Iceland (Gudmundsson, 2017). Other throw measurements at the 
western boundary of the area (graben) yield 0.6 m, whereas pure tension fractures at the 
eastern boundary show openings (apertures) of tens of centimetres (Jonsson, 2012). The 
tensional axes inferred from focal mechanism during the episode strike mostly ENE-WSW  
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Fig. 9. Basaltic dyke arrested in a vertical section in Tenerife (Canary Islands). The host 
rock by comparatively soft (compliant) pyroclastic rock. The dyke becomes arrested at its 
contact with much stiffer (higher Young’s modulus) inclined sheet, as forecasted by the 
elastic mismatch mechanism of dyke arrest. The maximum thickness of the dyke is about 0.8 
m. There are no dyke-induced extension fractures or faults at the tip. The person provides a 
scale.  
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Fig. 10. Subvertical basaltic dyke arrested in a vertical section in Tenerife. The main host 
rock is a pyroclastic layer (red-pink) on top of which is a basaltic lava flow (black-blue). The 
dyke becomes arrested roughly at the contact between the pyroclastic layer and the lava flow. 
More specifically, on meeting the contact, the dyke abruptly becomes much thinner (its 
maximum thickness is 0.26 m at the bottom of the 3.7 m tall exposure) and tapers away to its 
tip. The length of the yellow steel tape parallel with the lowermost right margin of the dyke is 
1 m. There are no dyke-induced extension fractures or faults at the tip. The arrest mechanism 
here is most likely a stress barrier. 
 
(Pallister et al., 2010) and thus roughly perpendicular to the tension fractures and open 
normal faults seen in the field (Figs. 4-7).  
Our fracture studies focused primarily on the western part of the graben. What is most 
noticeable in the parts that we studied are large tension fractures (Figs. 5-6). While these have 
collapsed since their formation, it is clear from the deeper parts that the openings range from 
tens of centimetres to about one metre (Fig. 6). The fracture walls on either side are at the 
same elevation, which shows that there is no normal-fault component in these fractures, and 
there is also no evidence of strike-slip. The fractures are thus pure tension fractures or mode I 
cracks. We observed numerous tension fractures along the western side of the graben, but 
also some normal faults (Fig. 7). Jonsson (2012) confirmed that during the earthquake swarm 
the fractures formed on the eastern side of the graben were primarily tension fractures. 
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Fig. 11. Arrested dyke in the caldera wall of Santorini (Greece). The dyke is arrested at the 
contact between layers of pyroclastic rock. The grain size of the layers changes abruptly at 
the contact, and thereby their mechanical properties. The maximum dyke thickness at sea 
level is about 2 m. The arrest mechanism here is most likely elastic mismatch. 
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All the observations of surface fracturing during the 2009 volcanotectonic eposide thus 
show that tension fractures were the most common, but that there were also some small 
normal faults. The normal faults were mostly confined to the western side of the graben 
whereas tension fractures formed both on the western and eastern sides. The surface 
deformation, however, was not confined to the graben boundaries since many fractures 
formed inside the graben (Fig. 8). 
Clearly, the detailed fracture pattern in Fig. 8a does not show a great resemblance to that 
in Fig. 8b. In Fig. 8a the white lines show the ‘InSAR-determined faults’, whereas the 
fracture pattern in Fig. 8b was derived from ‘differential coherence maps’, with black lines 
showing incoherent lineaments for the entire rifting episode and white lines for the period 27 
May to 1 July 2009 (Baer and Hamiel, 2010). In Fig. 8a there are two main sets of fractures: a 
set of NW-striking fractures found at both sides of the graben, and then a set of roughly N-
striking fractures, found primarily at the eastern side of the graben – although one such 
fracture occurs at the north end of the fracture set at the western side of the graben. The 
overall strike of the NW-set along the western side is roughly 315° whereas the common 
general strike of the N-striking fractures on the eastern side is about 352°. Thus, the angle 
between the two sets is about 37°. However, when individual fractures shown on Fig. 8b are 
measured, they range in strike from about 305° (northwest) to about 25° (north-northeast), 
yielding a maximum acute angle between the fractures of some 80°. Since the fractures are all 
thought to have formed during the 2009 episode, it is clear that they must have been subject 
to widely different local stresses, part of which may relate to the inferred dyke emplacement 
during the episode. 
 
4.2 Comparison of earthquake swarms in 2007 and 2009  
 
The general interpretation of the 2009 earthquake swarm is that it was, partly at least, 
triggered by dyke propagation (Baer and Hamiel, 2010; Pallister et al., 2010; Hansen et al., 
2013; Xu et al., 2016). While no earthquake migration was observed, the interpretation that at 
least part of the swarm was associated with a dyke that failed to reach the surface – that is, 
became arrested – is plausible and one that we take as a basis for our analysis. 
 We interpret the data provided in the cited papers as follows:  
 The seismic swarm in October 2007 may be seen as a precursor to the main swarm 
associated with subsequent dyke emplacement in April-July 2009. We interpret the 
precursor so that a deep-seated reservoir was subject to inflation and possibly rupture. 
During inflation of a reservoir, reactivation of fractures, particularly faults, in its roof 
would normally generate earthquakes.  
 There are, however, remarkable differences between the October 2007 swarm and the 
April-July 2009 swarm. These differences include a different location (including 
depth), number of earthquakes, and surface effects. (a) The October 2007 swarm 
generated only about 500 recorded earthquakes and was mostly some 15 km to the 
southeast of the April-July 2009 swarm which generated about 30,000 recorded 
earthquakes. (b) The October 2007 swarm was generally much deeper than the April-
July 2009 swarm. In particular, the earthquakes of the October 2007 swarm were 
mostly located deeper than about 10 km, and many reached depths of 25-30 km. (c) 
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By contrast, although the deepest earthquakes of the April-July 2009 swarm reach 
depths of 25-30 km, the great majority of the earthquakes are shallower than 20 km, 
and very many occurred at depths between 10 km and the surface. (d) In contrast to 
the April-July 2009 swarm, there was no recorded surface deformation during the 
October 2007 swarm. 
 There are also certain similarities between the swarms. One is that they occur in 
basically the same area, even if not at the same location. Another is that both can be 
interpreted as being partly associated with apparently steep-dipping structures 
(between about 55° and 65°) to the east (Xu et al., 2016, fig. 2). However, for both 
swarms this apparent dip may be an illusion because of the way the earthquakes 
concentrate in certain layers. In case of the October 2007 swarm, the dip can, in fact, 
be interpreted in various ways, and there is clear concentration of earthquakes at 
depths of about 10-15 km, 20-24 km, and 27-30 km. As for the April-July 2009 
swarm, similar concentrations of earthquakes occur at depths of 2-8 km (although 
many earthquakes reach the surface), and 12-17 km (although some earthquakes occur 
at depths of 20-30 km).  
 The concentration of earthquakes at certain depth intervals in the crust is very 
common and relates normally to stiff (high-Young’s modulus) units or layers. Thus, 
during loading of the crust, the stiff units or layers concentrate much more stress 
(either in tension or compression) than the more compliant or softer layers. The lateral 
spread in earthquakes in the uppermost part of the crust during the April-July 2009 
episode and 10-15 km and 27-30 km depth in the October 2007 episode may thus be 
attributable to the crustal layers or units at these depths being stiffer than adjacent 
units. Another interpretation is that some of the laterally spread earthquakes may be 
located in the roof of a magma reservoir – as is commonly observed during unrest and 
dyke injections (e.g., Becerril et al., 2013). But in the present cases, neither swarm has 
a distribution in space that is easily interpreted as roof failure due to magma-pressure 
changes (inflation) of a reservoir. We therefore think it is more likely that many of the 
earthquakes, particularly in the April-July 2009 swarm, relate to dyke emplacement.  
 
4.3 Dyke emplacement 
 
The data on the October 2007 swarm are too limited to allow us to decide whether or not 
there was any dyke emplacement. But contrast, the data, presented above and below, suggests 
that there was dyke emplacement during the April-July 2009 earthquake swarm. The focus 
here is on the 2009 swarm.  
 A swarm of earthquakes of this kind is typically associated with dyke emplacement. It is 
then the magmatic pressure within the dyke that triggers many of the fault-slips that generate 
the earthquakes. Focal mechanisms of the larger events (M>4) indicate mostly normal 
faulting with some strike-slip components. This is in contrast to the earthquakes generated 
during the dyke emplacement in Bardarbunga in Iceland 2014 where most of the earthquakes 
were strike-slip (Agustsdottir et al., 2016). Strike-slip and some reverse slip (Gudmundsson 
et al., 2008) are expected in the walls of a dyke, since they become subject to horizontal  
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Fig. 12. Arrested basaltic dyke in the lava pile of East Iceland. At the base of the photograph 
the dyke is about 2 m thick, but gradually thins towards its tip. The host rock is basaltic lava 
flows with scoria and soil layers (red) in-between. The arrest mechanism here is most likely a 
stress barrier, located in the layers above the tip of the dyke. On meeting a stress barrier, a 
dyke commonly thins before either stopping its propagation altogether (as here) or deflecting 
into a sill.  
 
compressive stress due to the magmatic overpressure of the dyke, which in turn induces shear 
stresses on some of the existing fractures, particularly joints. Since many of the earthquakes 
during the 2009 swarm, by contrast, seem to be associated with normal faulting, this may 
indicate two basic processes:  
a. Much of the faulting may occur ahead of an upward-propagating dyke tip. In the 
‘process zone’ around the dyke tip extension fracturing and normal faulting is 
common (Gudmundsson, 2011a). In this zone, normal-fault earthquakes are 
commonly generated by slips on existing fractures, many of which are cooling joints 
in the lava pile. Some dykes also use existing, steeply dipping normal faults as parts 
of their paths, in which case slip on an existing normal fault would be facilitated by 
the dyke-magma entering the fault plane (Gudmundsson, 2011a). The macroscopic 
dyke-fracture itself, however, is primarily an extension fracture (mode I crack) and 
thus does not generate classical double-couple earthquakes. 
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b. Part of the fault slip may be generated on existing normal faults, presumably buried 
by younger layers before the 2009 episode and thus not seen earlier in the field or on 
aerial photographs. When the earthquake swarm is used to infer the dip – irrespective 
of the points discussed above as to concentration of earthquake in particular layers or 
units – then the overall dip would be about 65°E. It is possible that many of the 
earthquakes were associated with the western boundary faults of the graben. 
However, in case slip on the fault was triggered by the magmatic overpressure of the 
dyke, one would rather expect strike-slip or reverse faulting on the main boundary 
fault, as is commonly inferred and observed where dyke enter existing grabens 
(Gudmundsson and Loetveit, 2005; Gudmundsson et al., 2008).  
 
Normal faulting and dyke emplacement are the most common large-scale processes 
associated with rifting worldwide. This is understandable since both are attributable to 
extension, that is, to the relative tension which dominates in rift zones. The processes may 
operate simultaneously; that is to say, dyke injection and normal faulting may both occur 
without necessarily one triggering the other. Normal faulting is common without dyke 
emplacement, such as in sedimentary basins, and most dykes become arrested without 
generating any large-scale normal faults or grabens. In fact, field studies in Iceland show 
clearly that where normal faults are common in parts of palaeo-rift zones, dykes are 
comparatively rare, and vice versa (Forslund and Gudmundsson, 1991).  This is because there 
is essentially constant spreading rate in rift zones, so that if much of the spreading is 
accommodated by normal faulting then less will be accommodated by dykes, and vice versa. 
The general rule is, however, that the contribution of dykes to the overall spreading at plate 
boundaries everywhere varies positively with increasing crustal depth (e.g., Gudmundsson, 
2002).   
As indicated above, one of the unsolved issues with the 2009 episode is whether or not 
the inferred dip of the earthquake swarm is real or an artefact. We have already explained 
how it may be an artefact due to stress concentrations in layers and units of different stiffness. 
If, however, the dip is real and about 65°, then we should be able to relate the dip to the two 
main processes discussed above. For the second process, there is no problem in doing so 
since a dip of about 65° is a common dip of normal faults in continental areas.  
For the first process, however, we would have to explain why the dyke triggering much of 
the normal faulting did not follow a vertical path but rather path dipping 65°. For a magma 
reservoir of either a sill-like or dome-like geometry, as appear to be the most common shapes 
(Gudmundsson, 2012, 2017), horizontal tension related to rifting would normally result in 
subvertical trajectories of the maximum principal compressive stress, σ1. As is well known, 
dyke propagation paths tend to follow the trajectories of σ1 and, thereby, being perpendicular 
to the trajectories of the minimum compressive (maximum tensile) principal stress, σ3. 
However, if the main loading is internal magmatic excess pressure, then the trajectories of σ1 
become generally curved away from the reservoir, and may dip by as much as 65°, 
particularly above and beyond the marginal parts of the reservoir (Gudmundsson, 2002).  
It is thus possible to explain the dip of the 2009 earthquake swarm in various ways. Not 
only as a result of crustal layering and variation in local stresses – which may certainly play a 
role and contribute to the dip being, partly at least, and artefact – but also as a direct 
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consequence of either a major normal fault (the western boundary fault of the graben) or a 
dyke injected from the marginal parts of the source reservoir whose loading is then primarily 
internal magmatic excess pressure. In what follows, we assume that the earthquake swarm 
was largely, or primarily, the result of dyke injection and propagation towards the surface. 
The focus in the models is on understanding better the potential surface effects of such a dyke 
and trying to estimate as well as may be the likely depth of the tip of the dyke at the time of 
arrest. This latter is of very great importance when assessing the hazard in the area, and has 
implications for hazard and risk assessments in volcanic areas in general.  
 
5. Dyke arrest 
 
Most dykes become arrested. Hundreds of arrested dykes have been observed, and many tips 
of such dykes studied in detail. Field studies show that while some dykes terminate within 
layers, most dykes become arrested at contacts between rock layers or units; in particular, at 
contacts between mechanically dissimilar layers (Figs. 9-12; Gudmundsson, 2002, 2003). 
Some of these dykes become deflected into sills (e.g. Tibaldi and Pasquare, 2008; Casagli et 
al., 2009; Gudmundsson, 2011b; Barnett and Gudmundsson, 2014; Tibaldi, 2015), whereas 
others become arrested on meeting the contact (Figs. 9-12).  
 There are three principal mechanisms by which dykes (and other extension fractures or 
mode I cracks) become arrested: (1) Gook-Cordon delamination, (2) stress barrier, and (3) 
elastic mismatch. All the mechanisms may operate simultaneously, but the Gook-Cordon 
delamination is most effective at shallow crustal depths. The other two mechanisms can 
operate at any depth. A detailed description of these mechanisms, including appropriate 
references, is given by Gudmundsson (2011a,b), so only a brief discussion is provided here.  
 The Cook-Gordon delamination mechanism implies that the contact that arrests the dyke 
is mechanically weak. By this we mean that the tensile strength (and, by implication, the 
shear strength also, because these are related) is low. Around the dyke tip there is a tensile 
stress field. The highest tensile stress is orientated dyke-perpendicular, and operates to 
generate the dyke fracture. But there is also a high dyke-parallel tensile stress which, for a 
contact with a low tensile strength, may open up the contact when the dyke tip is close to it. 
Opening of a contact is observed in many numerical models of dyke emplacement 
(Gudmundsson, 2003, 2011a) and is likely to occur in nature. When the dyke tip finally 
reaches the open contact, the tip then becomes either deflected along the contact to form sill 
or, alternatively, stops altogether, that is, becomes arrested. 
 Stress barrier is a layer or unit where the local stress field is unfavourable for a particular 
type of fracture propagation. For a vertical dyke, a stress barrier is a layer/unit where the 
compressive stress perpendicular to the projection of the dyke path/plane up into the 
layer/unit is either the maximum or the intermediate principal compressive stress, that is, σ1 
or σ2, both being compressive. Since a dyke is an extension fracture, a mode I crack, it 
propagates along a path whose direction is parallel with σ1 and σ2 and perpendicular to the 
minimum compressive (maximum tensile) principal stress σ3. Thus, once a vertical dyke tip 
approaches and tries to enter a layer where σ1 and σ2 are horizontal and σ3 thus vertical, the 
dyke must either deflect into a sill or become arrested altogether. Stress barriers form in 
various ways, but perhaps the most common in volcanic rift zones is that earlier dyke 
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injections have resulted in a 90° flip of the principal stresses because of their magmatic 
overpressure which compresses the surrounding rock horizontally.. For example, consider a 
dyke with an overpressure of 15 MPa propagating through a layer where, originally, the 
principal stresses are σ1 = 50 MPa, σ2 = 45 MPa, and σ3 = 40 MPa. Following the dyke 
emplacement the horizontal stress close to the dyke, initially σ3 = 40 MPa, becomes 40 + 15 = 
55 MPa, and thus the largest compressive stress, that is, σ1. Thereby, the layer, temporarily, 
becomes a stress barriers to subsequent vertical dyke propagation. Given that the crustal 
segment hosting the layer constitutes a part of a rift zone, the high horizontal stress of 55 
MPa is eventually relaxed (through spreading) and the state of stress flips back to the 
original. Slip on the boundary faults of a graben may also generate stress barriers to dyke 
propagation (Gudmundsson, 2011a). 
 Elastic mismatch is a name given to the mechanism where deflection and arrest are 
primarily controlled by the contrast – the mismatch – in elastic properties of the layers on 
either side of a contact, in relation to the elastic properties of the contact itself (He and 
Hutchinson, 1989; Hutchinson, 1996; cf. Gudmundsson 2011a,b) . More specifically, the 
probability of a dyke becoming deflected into a sill or arrested at a contact is related to the 
Dundurs elastic extensional mismatch parameter D  (He and Hutchinson, 1989; Hutchinson, 
1996): 
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where E is the plane-strain extensional Young's modulus (stiffness). Arrest or deflection of a 
dyke, or an extension (mode I) fracture in general, on meeting a contact is encouraged when 
the Young’s modulus of the layer hosting the fracture (E2) and below the contact is lower 
than that of the layer above the contact (E1). The probability of dyke arrest at a contact varies 
positively with increasing elastic mismatch or difference between E1 and E2, that is, with 
increasing Dundurs parameter (Gudmundsson, 2011a,b). More specifically, arrest of a dyke 
or its deflection into a sill is more likely when the layer above the contact (E1 has a higher 
Young’s modulus than the layer below the contact (E2).   
 While field observations show that most dykes are arrested at layer contacts (Figs. 9-11) 
and other discontinuities such as faults, some dyke simply taper away in layers presumably 
where the overpressure gradually decreases. Commonly, this happens when the dyke tip 
approaches a contact where the stress field is unfavourable; for example, a contact with a 
layer that acts as a stress barrier (Fig. 12). Part of the reason for dykes tapering away in 
vertical sections is decrease in magmatic overpressure or driving pressure for a dyke 
propagating through rocks of an average density less than that of the dyke magma. This is 
particularly the case for basaltic dykes propagating through low-density pyroclastic and 
sedimentary rocks. The decrease in magmatic overpressure is then due to negative buoyancy. 
 Magmatic overpressure in a dyke is given by (Gudmundsson, 2011a): 
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where r is the average host-rock density, m is the average magma density, g is acceleration 
due to gravity, h is the dip dimension of the dyke, and σd is the differential stress (the 
difference between the maximum (σ1) and the minimum (σ3) principal stress) in the host rock 
where the dyke is studied.  The second term on the right-hand side of Eq. (5.5) is the 
buoyancy term. In the uppermost 1-3 km of the crust in almost all volcanic areas, the average 
rock density is 2500-2600 kg m
-3
 whereas a basaltic magma may have density between 2650 
and 2800 kg m
-3
. It follows that, in the uppermost part of the crust, buoyancy for basaltic 
magmas is commonly potentially negative. During ascent of magma, there is normally gas 
expansion which makes the magma lighter, that is, of less density. While gas expansion and 
density reduction is common in acid magma to depths of many kilometres (Gonnermann and 
Manga, 2013), much of the gas exsolution in basaltic magma takes place at very shallow 
depths. In Hawaii, for example, gas exsolution in basaltic magmas occurs primarily in the 
uppermost few hundred metres of the feeder/conduit (Greenland et al., 1985, 1988). 
Similarly, direct observations of dykes, sills, and inclined sheets in deeply eroded lava piles 
and central volcanoes show only small and rather infrequent vesicles (formed by expanding 
gas) at depths exceeding several hundred below the original surface of the volcanic 
zone/central volcano. Some feeder-dykes, by contrast, contain large vesicles close to the 
surface (Galindo and Gudmundsson, 2012).  
Thus, density decrease of basaltic magma due to gas exsolution is most likely to occur 
very close to the surface, mostly in feeder-dykes, and does thus normally not much affect the 
potential negative buoyancy term in Eq. (2). It follows that, commonly, for basaltic dykes 
injected from shallow magma chambers, the only driving pressure in Eq. (2) is the excess 
pressure pe in the chamber. That pressure is roughly equal to the tensile strength of the walls 
or, normally, the roof of the magma chamber. The tensile strength of most rocks is between 
0.5 and 9 MPa, the most common values being 2-4 MPa. Thus, the excess pressure at the 
time of magma-chamber rupture and dyke injection may, depending on the variation in 
tensile strength, vary by a factor of 2-3, and very rarely by a factor of 6-9.  
When the only driving pressure of basaltic dykes injected from many shallow magma 
chambers is the excess pressure, of the order of mega-pascals, the driving pressure or 
overpressure gradually decreases as the dyke propagates towards the surface. The decrease in 
overpressure is then partly because of decline in the excess pressure in the source chamber as 
magma flows out of it and up the dyke. This decline may be described as follows 
(Gudmundsson, 2016): 
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 where p(t) is the excess-pressure variation in the magma chamber as a function of time, pe is, 
as before, the excess pressure at the time of magma-chamber rupture and dyke injection 
(roughly equal to the in-situ tensile strength), Ver is the dyke volume (or, in case of an 
eruption, the combined dyke and eruptive volume), and  Qt is the magma volume (in m
3
) that 
flows out of the chamber during the time interval t. Clearly, the exponent has the units of 
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3
 and is thus dimensionless. Eq. (3) indicates an exponential decrease in excess pressure 
in the source chamber during the eruption and/or dyke injection until the excess pressure 
approaches zero, that is, 0)( tp , when the bottom of the feeder closes, and the magma flow 
out of the chamber  comes to an end.  
 A dyke injected from a shallow magma chamber under a very low excess magmatic 
pressure, say 1 MPa, and propagating through low-density crustal rocks may thus stop on its 
propagation path simply because the overpressure declines to zero. This would apply 
primarily if the magma chamber is (a) comparatively small, say with a volume of 20-30 km
3
 
or less and (b) very shallow, say with a roof at a depth of 1-2 km. Many dykes and, in 
particular, inclined sheets are seen to taper away in dense sheet swarms associated with such 
shallow chambers in Iceland and in ophiolites (e.g., Gudmundsson, 2002).  
 Several other mechanisms suggested for dyke arrest are, based on field observations and 
theoretical studies, likely to be of minor importance. Thus, it has been suggested that down-
bending of the crustal segment on which a volcanic edifice rests generates local stresses that 
may arrest dykes (Rivalta et al., 2015). There is plenty of evidence of down-bending or 
sagging of crustal layers in the volcanic zones of Iceland, below volcanic edifices and in the 
volcanic zones in general, with no known effects as to dyke arrest. Similarly, down-bending 
of the lithosphere below large volcanic edifices such as in Hawaii has no known effects as to 
dyke arrest. If down-bending of crustal layers due to piling up of new eruptive material was a 
major factor in arresting dykes, then no large edifices could form in the first place. Generally, 
volcano spreading and divergent-plate boundary spreading counters any such effects and the 
magma chambers stay in close to lithostatic equilibrium with the host rock through most of 
their lifetimes (except during unrest periods). An edifice takes thousands or tens of thousands 
of years to form, and the potential down-bending due to the load of each lava flow/pyroclastic 
layer is normally so small as to have, to hardly any stress effects that could result in dyke 
arrest. 
 Similarly, it is commonly suggested that cooling or solidification of the dyke results in its 
arrest (e.g. Rivalta et al., 2015). However, for dykes injected from shallow magma chambers 
the rate of propagation is commonly 0.1-1 m s
-1
 and they would normally reach the surface, 
in case they were feeders, before any significant cooling would take place. Furthermore, even 
if solidification of the dyke tip would occur – as, for example, if the tip would meet 
significant amount of groundwater – the solidified tip has the same tensile strength, or 
slightly lower, than that of the host rock. Thus, so long as there is any magmatic overpressure 
in the dyke, a temporarily solidified tip should not stop the propagation any more than the 
host rock would. 
 Based on the considerations above, we conclude that dyke arrest is primarily controlled 
by mechanical layering and local stresses along the potential path of the dyke. Given that the 
2009 dyke at Harrat Lunayyir most likely generated tension fractures at the surface, and yet 
became arrested, mechanical layering is the most likely explanation for the dyke’s arrest.  
Which brings us to the surface deformation associated with the dyke emplacement, in 
particular the formation and depth of the tension fractures. 
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6. Tension fractures and normal faults  
 
The surface deformation associated with the 2009 dyke emplacement is primarily reflected in 
the formation or reactivation of tension fractures and normal faults (Figs. 4-8). Tension 
fractures can only reach a certain depth; if they try to propagate to greater depths they must 
change into normal faults. This theoretical result follows from Griffith’s crack theory, and is 
supported by actual field observations in active rift zones and fossil rift zones (Gudmundsson, 
2011a, 2017).  
 The two-dimensional Griffith criterion for fracture initiation in the tensile regime is given 
by: 
If 1 < -33  then  3 = -T0                                                                                                      (4)                                                                                                                          
             
Here, 1 is the maximum principal compressive stress, 3 is the minimum principal 
compressive stress, and T0 is the tensile strength of the host rock. On substituting –T0 for 3 
in the inequality (4), we obtain: 
 
1 - 3 < 4T0                                                                                                                                 (5) 
 
It follows from inequality (5) that the stress difference for the failure criterion in the tensile 
regime to apply cannot exceed 4T0. Using the following equation: 
 
1 = rgd                                                                                                                                   (6) 
 
where r is the host-rock density, g is the acceleration due to gravity, and d is the fracture 
depth (dip dimension), the maximum depth dmax that a large-scale tension fracture can reach 
(by definition, in the absence of internal fluid overpressure) is 
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If the tension fracture propagates to greater depth than given by Eq. (7), it must change into a 
normal fault. 
 As an example, if the average density of the uppermost part of the crust of 2500 kg m
-3
, 
as is common in continental areas, the maximum depth of the tension fractures in Figs. 4 and 
5 (other tension fractures are shown by Jonsson, 2012) ranges between about 60 m (for the 
lowest possible in-situ tensile strength of 0.5 MPa) and 1100 m (for the highest possible 
tensile strength of 9 MPa). These are extreme tensile-strength values, however. Most 
commonly, the in-situ tensile strengths of rocks, based on direct measurements through 
hydraulic fracturing, are 2-3 MPa (Gudmundsson, 2011a). These values are also similar to 
those obtained by theoretical strain considerations for the rocks in the present area, namely 1-
3 MPa, by Jonsson (2012). Thus, using 2-3 MPa as the tensile strength, the most likely 
maximum depths of the tension fractures in the area would be between 244 and 367 m.  
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Fig. 13. Numerical model of a dyke arrested with a tip at the depth of 1000 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 3 top layers is 100 m thick. All the 3 top layers, as well as the main 
rock unit hosting the dyke have the same Young’s modulus of 40 GPa. Thus, this is effectively 
an elastic half-space model. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals. The stresses shown here, and in subsequent models, range from 0 (blue) to 10 MPa 
(red). This range (0-10 MPa) is chosen so because the maximum in-situ tensile strength of 
crustal rocks is 9 MPa, and mostly 5-6 MPa, so that tensile stresses above 10 MPa can 
normally not be reached in the crust (Gudmundsson, 2011a). The dip dimension (height) of 
the dike in all the models is between 9 and 10 km. c. von Mises shear stress at the Earth’s 
surface. d. Maximum principal tensile stress, σ3, at the Earth’s surface.  
 
 It follows that the absolute tension during the 2009 episode is unlikely to have reached 
greater depths than about 370 m. Given the uncertainty in the values used, we could set this 
upper limit for the absolute tension at a depth of about 400 m. The tension fractures may, of 
course, be much shallower than this; but they very unlikely to be deeper. These analytical 
results also mean that significant tensile stress must be at the surface; more specifically the 
tensile stress that the surface must be at least 2 MPa, if we assume that 2 MPa is the in-situ 
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tensile strength. The theoretical tensile stress, however, should normally be expected to 
exceed the in-situ tensile strength for fracture formation and must be maintained to some 
depth – at least some tens of metres and, preferably, hundreds of metres so as to generate the 
tension fractures. Thus, if the dyke-induced tensile stress at the surface is only 2-3 MPa and 
diminishes at a shallow depth, such a dyke is unlikely to have generated the tension fractures 
at the surface. And it is even less likely to have triggered slip on existing, or the formation of 
new, normal faults. While discussing the numerical results below, we assume that the tensile 
stresses at the surface, for fracture initiation at the surface, must have, theoretically, reached 
several mega-pascals. As we shall also see in the numerical models below, there are further 
constraints on the mechanics of fracture formation, if triggered by dyke emplacement, in that 
while normal faulting and tension fractures occurred at the western boundary of the ‘graben’, 
only tension fractures were generated at the eastern boundary during the 2009 episode.  
 
7. Numerical models  
 
We used the finite-element software Comsol Multiphasic (www.comsol.com) for a general 
analysis of the local stresses associated with arrested dykes, with application to the inferred 
arrested 2009 dyke. All the models are fastened in the corners, as indicated by crosses (Fig. 
13a), so as to avoid rigid-body rotation and translation. In all the models the only loading is 
internal magmatic overpressure (driving pressure) of 6 MPa (cf. Eq. 2). This value is within 
the range of a typical in-situ tensile strength of rocks (Gudmundsson, 2011a). We do not use 
a higher overpressure because we assume the dyke to be basaltic, so that, in a continental 
crust like here, the buoyancy term may not add much overpressure to excess pressure at the 
time of magma-chamber or reservoir rupture (Eq. 2). In all the models, the lower tip (bottom) 
of the dyke is at the depth of about 10 km, whereas the upper tip or top is at depths of 0.3, 
0.5, and 1 km below the surface. As indicated above the dip dimension may be 15-20 km but 
for the purpose of modelling effects of shallow layering on surface stresses, the dip 
dimension used here is appropriate.  
 In the first models, the crust has the same uniform properties. This is shown by all the 
indicated layers having the same Young’s modulus (here 40 GPa). This means that the first 
models are elastic half-space models, as are still the most commonly used to model surface 
stresses and deformation associated with volcanic unrest periods (e.g., Dzurisin, 2006; Segall, 
2010). For the models presented in this paper, all the layers and units have the same Poisson’s 
ratio, namely 0.25, which is the most common ratio for rocks (Gudmundsson, 2011a). 
Variations in Poisson’s ratio of rocks are generally very small (normally by a factor of 2 or 
less) so as to be negligible in comparison with the variation in Young’s modulus or stiffness; 
the latter may easily vary by 2 orders of a magnitude in any volcanic zone/volcanic edifice, 
and sometimes by 3 orders of a magnitude. In later models, we have realistic layering with 
Young´s modulus in different layers ranging from 1 GPa, for soft layers, to 40 GPa for stiff 
layers. This range is presumably smaller than the actual range in crustal segments such as that 
hosting Harrat Lunayyir, but serves the purpose of illustrating the effects of reasonable 
layering on surface stresses and likely fracture formation induced by arrested dykes such as 
the one in 2009. 
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Fig. 14. Numerical model of a dyke arrested with a tip at the depth of 500 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 3 top layers is 100 m thick. All the 3 top layers, as well as the main 
rock unit hosting the dyke have the same Young’s modulus of 40 GPa. Thus, this is effectively 
an elastic half-space model. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals (range shown 0-10 MPa). c. 16 d. Maximum principal tensile stress, σ3, at the 
Earth’s surface.  
 
 In the layered models, each of the layers that constitute the uppermost part of the crust is 
100 m thick. This thickness remains constant in all the models. Also, in all the models the 
lowermost layer or unit hosts most or all of the dyke. (Depending on how shallow the dyke 
tip is, the top part of the dyke penetrates some of the shallow layers in some of the models.) 
Young’s modulus of these shallow layers derives from seismic data, where we calculate the 
dynamic Young’s modulus based on the velocities of the seismic waves (Jaeger and Cook, 
1979). The dynamic moduli are 27 GPa for two of the layers and 17 GPa for the surface 
layer. The layer or unit hosting (most of) the dyke has a dynamic Young’s modulus of 40 
GPa. These values are primarily based on seismic velocities in Harrat Lunayyir, but are 
within the range of laboratory determined Young’s moduli for granites and other typical  
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Fig. 15. Numerical model of a dyke arrested with a tip at the depth of 300 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 3 top layers is 100 m thick. All the 3 top layers, as well as the main 
rock unit hosting the dyke have the same Young’s modulus of 40 GPa. Thus, this is effectively 
an elastic half-space model. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals (range shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. 
Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
continental rocks (Gudmundsson, 2011a) and thus reflect more general conditions. In later 
layered models we use still more realistic layering, where comparatively soft layers, with 
Young’s modulus of 1-3 GPa, form part of the crustal segment. The layer thickness of 100 m 
is somewhat arbitrary in that it would generally reflect ‘seismic layers’, that is, groups of 
layers with similar seismic/mechanical properties. Some sedimentary layers and some lava 
flows, such as pahoehoe, may reach 100 m thickness, but here this thickness should be 
interpreted as mechanical/seismic rather than lithological.  
 In all the models, we show the layering (and lack of layering in the first models) to 
illustrate the assumed general structure of the crust. The layers are shown in the a-part of 
each model figure, which also gives the Young’s modulus of each layer. The location of the 
dyke tip, however, is not changed in the a-parts of the figures; the dyke is there always shown  
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Fig. 16. Numerical model of a dyke arrested with a tip at the depth of 1000 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 3 top layers is 100 m thick. The surface layer has Young’s modulus 
of 17 GPa, followed by two layers with a Young’s modulus of 27 GPa. The unit or layer 
hosting the dyke has a Young’s modulus of 40 GPa. a. Schematic setup of the model. The 
thickness of the layers and the height of the dyke are not to scale. b. Maximum principal 
tensile stress, σ3, in mega-pascals (range shown 0-10 MPa). c. von Mises shear stress at the 
Earth’s surface. d. Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
at the same location because the main aim of the a-parts is to show the layering. The b-parts 
of the figures show the exact location of the dyke tip, which in some of the later models 
penetrates the lowermost of the 3-4 top layers.  
 The early models have 3 layers above the thick layer or unit hosting (most of) the dyke. 
In the later models, however, we have added one additional layer, which is white in all the 
models and with a Young’s modulus or stiffness of 1 GPa. In-situ Young’s modulus of 1 GPa 
is common among many compliant pyroclastic and sedimentary rocks (Gudmundsson, 
2011a). For example, many soil, sediment, and scoria layers between lava flows have similar 
or lower Young’s moduli. Here we assume the layer to be of the same thickness as the other 
layers, namely 100 m. In most crustal segments there are certainly layers much thinner than  
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Fig. 17. Numerical model of a dyke arrested with a tip at the depth of 500 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 3 top layers is 100 m thick. The surface layer has Young’s modulus 
of 17 GPa, followed by two layers with a Young’s modulus of 27 GPa. The unit or layer 
hosting the dyke has a Young’s modulus of 40 GPa. a. Schematic setup of the model. The 
thickness of the layers and the height of the dyke are not to scale. b. Maximum principal 
tensile stress, σ3, in mega-pascals (range shown 0-10 MPa). c. von Mises shear stress at the 
Earth’s surface. d. Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
100 m – some as thin as metres or tens of centimetres – but for the purpose of illustrating the 
principles that control dyke-induced surface deformation the thickness used here is for the 
seismic/mechanical top layers is appropriate. In the absence of detailed knowledge of the 
actual layering of the crust of Harrat Lunayyir – to which these models are applied - these 
thicknesses are suitable (we add a soft layer in later models), in particular because the main 
mechanical effect of a layer does not lie in its thickness but rather in its softness or 
compliance. In the models, we vary the depth of the 1GPa layer so as to explore the effect its 
depth would have on the dyke-induced surface stresses and associated deformation. 
 In the first model (Fig. 13) the dyke tip is arrested at 1 km depth below the surface. Here 
all the layers have the same Young’s modulus, 40 GPa, so that the modelled crust is   
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Fig. 18. Numerical model of a dyke arrested with a tip at the depth of 300 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 3 top layers is 100 m thick. The surface layer has Young’s modulus 
of 17 GPa, followed by two layers with a Young’s modulus of 27 GPa. The unit or layer 
hosting the dyke has a Young’s modulus of 40 GPa. a. Schematic setup of the model. The 
thickness of the layers and the height of the dyke are not to scale. b. Maximum principal 
tensile stress, σ3, in mega-pascals (range shown 0-10 MPa). c. von Mises shear stress at the 
Earth’s surface. d. Maximum principal tensile stress, σ3, at the Earth’s surface 
 
analogous to a homogeneous and isotropic elastic half space, a type of model still very 
common in volcano-deformation studies. The results (Fig. 13c, d) show that the surface shear 
stress and tensile stress reach close to 6 MPa. Both stresses are large enough to have the 
potential of generating or initiating fractures at the surface. We think, however, that the dyke 
became arrested at much shallower depth, at about 500 m or perhaps as little as 300 m below 
the surface. This follows partly from the analytical considerations above, and is used as a 
basis in many of the numerical models below. We therefore made another elastic half-space 
model with the dyke tip at, first, the depth of 500 m (Fig. 14) and, then, at the depth of 300 m 
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(Fig. 15). The results (Fig. 14-15) show that the surface stresses reach up from 10-12 MPa, 
for 500 m tip depth, up to 17-18 MPa, for 300 m tip depth.   
 In these models the stiffnesses (Young’s modulus) of some of the layers are 
unrealistically high. This applies, in particular, to the surface layer; 40 GPa is far too high for 
the surface layers in Harrat Lunayyir, where a dynamic modulus of 10-20 GPa would be 
more reasonable for some of the surface layers, with the static modulus much lower, as 
discussed below. But for an elastic half-space model such as this one, there must be a uniform 
Young’s modulus, and 40 GPa is reasonable to the average stiffness of the part of the crustal 
segment dissected by the dyke. Thus, even if the surface stresses reach something like 17 
MPa, the high stiffness of the surface layers (which tends to raise the stresses) is unrealistic, 
making the calculated stress values unrealistic as well.  
 In the next model (Fig. 16) the crust is layered in the simplest possible way. There are 3 
layers that constitute the uppermost part (300 m) of the crust. Two have a Young’s modulus 
of 27 GPa, and the surface layer a Young’s modulus of 17 GPa. These values, also used in 
subsequent models, are based on the considerations of the dynamic mechanical layering in 
Harrat Lunayyir, discussed above. These are likely to be crude average dynamic values. The 
unit hosting the dyke is, as before, with a stiffness of 40GPa. The results (Fig. 16) show that 
for dyke arrested with a tip at 1 km depth and the simplest type of layering, the induced 
maximum theoretical tensile and shear stresses at the surface are only about 2 MPa, and thus 
generally too small to generate fractures, either tension fractures or normal faults.  
 Even when the dyke tip is arrested at the depth of 500 m, for the same layering, the 
surface stresses are so low as to be unlikely to generate surface fractures (Fig. 17). In fact, it 
is only when the dyke tip has reached the very shallow depth of 300 m that the surface 
stresses become high enough so as to have a chance of generating fractures (Fig. 18). Here 
the surface stresses reach 9-10 MPa. These stresses are certainly high enough to generate 
tension fractures. Whether initiated tension fractures might change into small normal faults 
would then depend on the depths to which they could propagate. In the model in Fig. 18 the 
tensile stresses are comparatively high to depths in excess of 300 m (the red zones in part b) 
so that, based on the conclusions in Section 6, some of the tension fractures might change 
into normal faults. 
 The models above, Figs. 16-18, while mechanically perfectly valid, are geologically 
perhaps not as realistic as such models can be made. In all crustal segments there are 
compliant or soft layers (with low Young’s modulus) in-between stiffer layers. This applies 
particularly to volcanically active areas where soft pyroclastic, sediment, and soil layers are 
common in-between stiffer units such as lava flows. Such layers are known to have very great 
effects on the local stresses induced by dykes (Gudmundsson, 2002, 2003). The detailed 
crustal layering in Harrat Lunayyir is unknown, but must certainly include soft layers. In 
addition, the surface layer in the western part of the graben, where we studied the fractures in 
the field (Figs. 3-7), is partly compliant pyroclastics, with a Young’s modulus of the order of 
a few giga-pascal (rather than 17 or 40 GPa used in the models above). On the eastern side of 
the graben, however, some of the tension fractures occur in comparatively stiff granitic rocks 
(Jonsson, 2012).  
 In order to take soft layers into account, and explore their effects on the dyke-induced 
stresses, we made several models with a single soft layer, 100 m thick and with a stiffness of  
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Fig. 19. Numerical model of a dyke arrested with a tip at the depth of 1000 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 4 top layers is 100 m thick. The surface layer has Young’s modulus 
of 17 GPa, followed by two layers with a Young’s modulus of 27 GPa. The unit or layer 
hosting the dyke has a Young’s modulus of 40 GPa, and a fourth layer with a Young’s 
modulus of 1 GPa. a. Schematic setup of the model. The thickness of the layers and the height 
of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-pascals (range 
shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. Maximum principal 
tensile stress, σ3, at the Earth’s surface. 
 
1 GPa. Such stiffness would be typical of many soft or compliant pyroclastic and sedimentary 
layers – many of which could, in fact, be much softer (Gudmundsson, 2011a). In the models 
we, as before, vary the depth of the dyke tip below the surface – the three depths considered 
are 1000 m, 500 m, and 300 m. But, in addition, we vary the location, that is, the depth of the 
soft layer itself from being with the top at the depth of 100 m, to being with the top a depth of 
300 m. The results show that varying the depth of the soft layer has comparatively little effect 
on the surface stresses, which are, the stresses of greatest interest here. We therefore show 
only the results where the soft layer is at the maximum depth, 300 m, except for the last 
model of this kind, where the surface of the soft layer is at 100 m depth.  
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Fig. 20. Numerical model of a dyke arrested with a tip at the depth of 500 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 4 top layers is 100 m thick. The surface layer has Young’s modulus 
of 17 GPa, followed by two layers with a Young’s modulus of 27 GPa, and a fourth and 
compliant layer with a Young’s modulus of 1 GPa. The unit or layer hosting the dyke has a 
Young’s modulus of 40 GPa. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals (range shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. 
Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
 The first model (Fig. 19) shows the stresses induced by a dyke whose tip is arrested at 1 
km below the surface. The model shows very clearly the great effects of the soft layer on the 
crustal stresses. In particular, the soft layer basically suppresses all stresses, so that very low 
stresses are transmitted across the layer. The surface stresses (Fig. 19c,d) are well below 2 
MPa, even if the surface layer at 17 GPa is still stiff. It follows from the low surface stresses 
that neither tension-fracture formation nor normal faulting is likely. The next model is 
identical except for the depth to the dyke tip, which is here at 500 m (Fig. 20). Even if the 
dyke tip is here very close to the surface, the surface stresses are still very low, the maximum  
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Fig. 21. Numerical model of a dyke arrested with a tip at the depth of 300 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 4 top layers is 100 m thick. The surface layer has Young’s modulus 
of 17 GPa, followed by a compliant layer with a Young’s modulus of 1 GPa, and then two 
layers with a Young’s modulus of 27 GPa. The unit or layer hosting the dyke has a Young’s 
modulus of 40 GPa. a. Schematic setup of the model. The thickness of the layers and the 
height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-pascals 
(range shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. Maximum 
principal tensile stress, σ3, at the Earth’s surface. 
 
being around 3 MPa. Thus, even at such a shallow dyke-tip depth, much dyke-induced 
surface fracturing is unlikely. 
 We did not make a model with the dyke tip at 300 m depth for this layering, because then 
the tip of the dyke would have entirely penetrated the soft layer, thereby making its effect on 
the stress field minimal. Instead, we show here the dyke tip at 300 m depth, but the soft 1 
GPa layer is with a top at 100 m depth below the surface, that is, the soft layer is the second 
layer from the surface (Fig. 21). The stress-suppressing effects of the soft layer are still very 
noticeable. Nevertheless, because the dyke tip is so close to the surface, the maximum dyke- 
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Fig. 22. Numerical model of a dyke arrested with a tip at the depth of 1000 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 4 top layers is 100 m thick. The surface layer has Young’s modulus 
of 3 GPa, followed by two layers each with a Young’s modulus of 27 GPa, and then a 
compliant layer with a Young’s modulus of 1 GPa. The unit or layer hosting the dyke has a 
Young’s modulus of 40 GPa. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals (range shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. 
Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
induced surface stresses reach just over 8 MPa. These stresses would normally be able to 
initiate tension fractures and normal faults. 
 In all the models presented above, the surface layer has stiffness or Young’s modulus of 
17 GPa. This value, like that of other moduli here, is primarily based on seismic velocity 
considerations, that is, it is a dynamic modulus. While dynamic moduli are very suitable for 
the propagation of an earthquake rupture – whose rate is similar to that of an the S-wave, that 
is, several kilometres per second – for dyke propagation static moduli are normally much 
more appropriate. This follows because dyke propagation rates are of the order of metres per 
second or less and thus many orders of magnitude slower than the velocities of seismic  
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Fig. 23.  Numerical model of a dyke arrested with a tip at the depth of 500 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 4 top layers is 100 m thick. The surface layer has Young’s modulus 
of 3 GPa, followed by two layers each with a Young’s modulus of 27 GPa, and then a 
compliant layer with a Young’s modulus of 1 GPa. The unit or layer hosting the dyke has a 
Young’s modulus of 40 GPa. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals (range shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. 
Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
ruptures for which dynamic moduli are appropriate. The difference between static and 
dynamic Young’s modulus varies from zero to a factor of about 13, and is normally highest at 
shallow depth in active areas (Gudmundsson, 2011a). This follows because at shallow depth 
in active areas the fractures (e.g. cooling joints) and cavities (pores, vesicles), and contacts 
are normally not yet filled with secondary minerals, and discontinuities and cavities of all 
kind lower the static modulus but have much less effect on the dynamic modulus.  
 Considering also the soft surface layers seen on many of the photographs (Figs. 3-8), we 
decided to run several models with a comparatively soft or compliant surface layer. In these 
models, the surface layer has a Young’s modulus of 3 GPa. This is similar to that of many 
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comparatively compliant layers, such as young lava flows, pyroclastic layers, and 
sedimentary layers (Gudmundsson, 2011a). We also include the earlier soft layer, 1GPa. For 
the first two models, the 1GPa layer is the fourth from the top, that is, with a top surface at 
the depth of 300 m, so as to be in agreement with the models above (Figs. 19 and 20). In the 
last model, however, where the dyke tip is at the depth of 300 m, the 1GPa layer is with its 
top surface at 100 m depth, as in the model in Fig. 21. 
 The results of the first model with this layering has a dyke tip at 1000 m depth and shows 
that very little stress reaches the surface (Fig. 22). The maximum tensile and shear stresses at 
the surface are only about 0.4 MPa, and would normally not result in any fracture formation. 
Very similar results are obtained for a dyke tip at 500 m depth. The surface stresses are about 
0.7 MPa and thus generally too low to generate either tension fractures or normal faults. In 
the last model, the dyke tip is at a depth of 300 m so that the 1GPa layer is with a top at 100 
m depth. Even if the dyke tip is only 300 m below the surface, the surface stresses are low – 
just about 2 MPa (Fig. 24). Some minor surface fracturing is possible, but major tension 
fractures and normal faults are unlikely to be generated in this stress field.     
 
8. Dimensions of the 2009 dyke 
 
The dimensions of the dyke inferred to have been emplaced during the 2009 episode can be 
estimated using various methods. The main methods that have been used are the distribution 
of associated earthquakes and geodetic data. Several estimates have been made. Baer and 
Hamiel (2010) give the dyke strike dimension or length as 12 km, the maximum dyke 
thickness as 2.5 m, and the dyke dip dimension or depth as about 10 km. However, they also 
use dyke segments with cumulative dip dimension of 15 km. The projection line of the 
hypocentres of the earthquakes, primarily associated with the dyke emplacement, during the 
2009 episode is about 17 km long (Baer and Hamiel, 2010, fig. 1b).  
 Jonsson (2012) and Xu et al. (2016) infer that the tension fractures and faults at the 
surface were in zones as long as 14 km; in particular, Jonsson (2012) states that a normal 
fault on the western side of the ‘graben’ reaches this length. Presumably these authors 
interpret that strike dimension or length of the dyke as similar to this, or about 14 km. Xu et 
al. (2016) conclude that the depth to the dyke source was at least 20 km, and perhaps 35 km, 
so that the dyke dip dimension, while the dyke was continuously open, must, in their model, 
have been in this range. Their maximum dyke thickness is 2.3 m.  
 Our interpretation is that the dip dimension of the dyke is at least 20 km. The fact that the 
dyke continued to expand after it became arrested shows that the entire dip dimension was 
open at that time, and thus functioning as continuous fracture. For our modelling purposes it 
is enough to know that the dyke dip dimension is at least 20 km; this means that its dip 
dimension is larger than the strike dimension (given in a moment), so that the strike 
dimension is the ‘controlling dimension’, that is, the dimension that controls the thickness or 
opening of the dyke (Gudmundsson, 2011a). The strike dimension, based on the earthquake 
distribution (e.g. Baer and Hamiel, 2010), is most likely between 13 and 14 km (Fig. 8b). We 
take it as 14 km and conclude that the strike dimension is the controlling dimension.  
 To estimate the maximum opening or thickness of the dyke, in any layer or unit with a 
given Young’s modulus and Poisson’s ratio, we can either use the part-through crack model  
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Fig. 24. Numerical model of a dyke arrested with a tip at the depth of 300 m below the 
Earth’s surface. The magmatic overpressure is 6 MPa and Poisson’s ratio of all the rock 
layers is 0.25. Each of the 4 top layers is 100 m thick. The surface layer has Young’s modulus 
of 3 GPa, followed a compliant layer with a Young’s modulus of 1 GPa, and then by two 
layers each with a Young’s modulus of 27 GPa. The unit or layer hosting the dyke has a 
Young’s modulus of 40 GPa. a. Schematic setup of the model. The thickness of the layers and 
the height of the dyke are not to scale. b. Maximum principal tensile stress, σ3, in mega-
pascals (range shown 0-10 MPa). c. von Mises shear stress at the Earth’s surface. d. 
Maximum principal tensile stress, σ3, at the Earth’s surface. 
 
or the through-crack model. The part-through model is commonly used for non-feeder dykes 
(Gudmundsson, 2011a). However, in the present case the dyke presumably became arrested 
at a mechanically weak contact, perhaps partly an open contact – given that the contact of 
arrest may have been as shallow as 300 m below the surface. In such a case, the through-
crack model is a good approximation, and we used it here. The maximum opening of the 
dyke, or thickness, ΔuI is then given by (Gudmundsson, 2011a): 
 
E
Lp
u oI
)1(2 2
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                                                                                                               (8)                                                                              
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where po is the magmatic overpressure or driving pressure, ν is Poisson’s ratio and E is 
Young’s modulus of the layer/unit where the dyke thickness is to be determined, and L is the 
strike dimension or length of the dyke where the thickness/opening is determined.  
 Using the same values as in our numerical models, the main unit hosting the dyke has a 
Young’s modulus of 40 GPa and a Poisson’s ratio of 0.25. For a magmatic overpressure of 6 
MPa and a dyke length or strike dimension of 14 km, the maximum thickness, from Eq. (8), 
would be about 3.9 m. At shallower depths, where the main layers have a Young’s modulus 
of 27 GPa, the maximum opening or thickness of a dyke with the same length and 
overpressure would be about 5.8 m. And the dyke would be even thicker where hosted by 
very soft layers, such as 1GPa in the model in Fig. 23. However, we believe that the dyke 
would tend to become arrested on meeting the very soft layers, so here we assume that the 
main uppermost part of the dyke would be in the layers with a stiffness of 27 GPa. As 
indicated above, these are dynamic stiffnesses, so that the static stiffness could easily be half 
this value or less (Gudmundsson, 2011a), yielding a dyke thickness of 11.6 m.  
 A maximum thickness of 5.8-11.6 m for a 14 km long dyke would yield a 
length/thickness ratio between about 2400 and 1200. This is similar to the measured 
length/thickness ratios of regional basaltic dykes in Iceland, which range from about 300 to 
about 2000 (Gudmundsson, 1986). The dykes in Iceland are exposed at depths of 500-1500 m 
below the original surface of the volcanic zones within which they were emplaced so, again, 
rather similar to the uppermost part of the 2009 dyke. The length/thickness ratios of dykes 
depend primarily on host-rock Young’s modulus and magmatic overpressure, but measured 
dykes worldwide have commonly ratios similar to those reported for the Icelandic dykes 
(Rickwood, 1990). 
 Thus, in our interpretation, the 2009 dyke is much thicker than previous models would 
indicate. Elastic half-space models, such as dislocation models of dykes, tend to 
underestimate dyke thicknesses. This follows because, by definition, these models assume no 
layering or contacts in the crust, thereby ignoring any stress ‘dissipation’ and suppression that 
the layering normally gives rise to (Figs. 13-24). Consequently, the half-space dislocation 
models overestimate the surface stresses and displacements supposed to be generated by a 
dyke of a given thickness. Our interpretation of the dyke thickness in relation to its other 
dimensions is very plausible based on worldwide studies of length/thickness ratios of dykes, 
as indicated above.  
  
                                                                                                                                                                                 
9. Discussion  
 
9.1 General implications 
 
While the numerical models are here applied to the 2009 volcanotectonic episode at Harrat 
Lunayyir in Saudi Arabia, the results are completely general. Here we first discuss some of 
the general implications, and then those that apply particularly to the episode at Harrat 
Lunayyir. Some of the main results for dyke-induced stresses and surface deformation in an 
active volcanic zone may be summarised as follows: 
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 Unless there is great mechanical heterogeneity in the crustal segment within which the 
dyke is emplaced, the stresses and the related deformation should be symmetric. A 
highly asymmetric surface deformation, even in layered and anisotropic crust, is thus 
unlikely to be induced by a single dyke. 
 The distance between the two surface-stress peaks, where dyke-induced fractures 
would be possible in case the maximum stresses reaches at least several mega-pascals, 
is similar to twice the depth to the top of the dyke below the surface. This is a well-
known result from earlier studies, sometimes referred to as the ‘graben rule’ and 
confirmed by analytical and numerical studies (Figs. 13-24). The only exception to 
this rule is if the Gook-Gordon delamination occur – a mechanism mostly limited to 
very shallow depths - so that the contact between layers opens up. Then the stresses at 
the surface normally peak above the lateral ends of the opened-up contact and would 
not have any correlation with the depth to the top of the dyke (Gudmundsson, 2003). 
In the present models, however, the contact is not weak enough to open up.  
 It follows from the last point that, unless Cook-Gordon delamination operates, the 
half-width of a dyke-induced graben at the surface is similar to the depth to the top of 
the dyke. Thus, if a dyke-induced graben is 3 km wide, then the tip of the associated 
dyke would have to be at depth of close to 1.5 km. A dyke arrested at 1.5 km depth in 
an active volcanic zone would rarely induce large enough stresses at the surface to 
initiate fractures, major normal faults in particular. As we have seen in the models 
presented here, a crustal segment with one or several soft layers would commonly 
suppress any dyke-induced surface stresses to such an extent that only dykes arrested 
at very shallow depth – a few hundred metres or less – could possible trigger fracture 
formation at the surface. 
 
9.2 Implications for the 2009 episode 
 
The analytical and numerical models presented here do not support the suggestions that the 
entire surface-fracture formation and development during the 2009 episode was induced by 
an arrested dyke. The main reasons for this conclusion may be summarised as follows: 
1. The graben in Fig. 8 is between 3 and 7 km wide. If we take an average width as 5 
km, then that would imply that the dyke tip at the time of fracture formation was at a 
depth of more than 2 km (which is also the depth suggested by some of the authors of 
the cited papers). However, the numerical models presented here show that, for any 
reasonably layering, the surface stresses even at the depth of 1 km, let alone a depth of 
more than 2 km, would be too small to generate significant fractures. It is only when 
the tip reaches the shallow depth of 500 m, and, in particular, 300 m, that the surface 
stresses become large enough so as to generate significant fractures.  
2. When the tip of the arrested dyke is at 300-500 m depth, clearly the graben that the 
dyke could initiate at the surface could not be wider than about 0.6-1 km. A graben of 
average width 5 km is simply too wide to be generated by the stresses induced by a 
dyke arrested at the depth of 300-500 m.  
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3. None of the main fractures coincide in strike with the inferred strike of the dyke and 
many strike very differently from that of the dyke (Fig. 8b).. Furthermore, some of the 
fractures apparently dissect the dyke, when its strike is projected (as a broken line) to 
the surface.  
4. Although we have followed the established tradition in the literature on this episode 
and referred to the structure as a graben, the general fracture pattern supposed to have 
been generated in the 2009 episode does not follow the geometry of a classical 
graben. In fact, the ‘boundary fault’ on the eastern side of the ‘graben’ is not a fault 
but rather a zone of tension fractures. The symmetry of the stress field induced by an 
arrested dyke would tend to generate a clear graben structures, with two normal 
boundary faults, but that is not what happened here.  
 While there have, apparently, been no previous numerical models applied to the 2009 
episode (dislocation models of the dyke applied by many authors are, strictly, analytical 
models), some authors have used analogue models to explain the surface fracture pattern. 
Analogue models in structural geology and volcanotectonics, while always incorrect in detail 
(due to scaling problems of strength, gravity, grain size, and related aspects), often provide 
interesting suggestions and ideas that can then be tested by detailed field observations as well 
as analytical and/or (depending on the complexity of the problem) numerical models.  
 For the 2009 episode, Xu et al. (2016) provide an analogue model to explain some 
aspects of the evolving surface deformation induced by the inferred dyke emplacement. They 
use crushed silica powder as an analogue for the host rock layers of the dyke. The model is 
15 cm wide, 25 cm long, and 12.5 cm thick. The thickness of the layer of crushed silica 
powder is such that 2.5 cm in the model corresponds to 1 km in the field. They do not 
explicitly state the depth of the dyke tip below the surface, but from their fig. 5c one can infer 
that the dyke tip varies (as an ‘arc’) from a depth of about 3.6 km to, a minimum, of about 1 
km below the surface. Xu et al. (2016) then gradually increase the opening, or thickness, of 
the dyke from 0 cm to a maximum of 0.6 cm and record the associated surface deformation. 
 Briefly, the main relevant results of the experiments are as follows. At dyke opening of 
0.15 cm, there is still no surface faulting. The first faults at the surface appear when the dyke 
opening has reached 0.3 cm. The surface faults then continue to develop and link up into 
larger faults as the dyke opening is increased from 0.3 cm to 0.45 cm, and then to 0.6 cm. 
 These results are interesting, particularly when scaled to the corresponding dimensions in 
the field. Given that 2.5 cm in the model corresponds to 1 km, a dyke opening or thickness of 
0.15 cm should correspond to 60 m. The first fault is seen when the dyke opening or 
thickness has reached 0.3 cm, which corresponds to a 120 m thick dyke. The final dyke 
opening of 0.6 cm in the model would correspond to 240 m thick dyke in the field.  
 That a 60 m thick dyke with a tip at a minimum depth of 1 km depth is unable to generate 
fractures at the surface is a remarkable result, as is the conclusion that the dyke thickness 
needs to reach 120 m for the first surface faults to form. These results suggest that only very 
thick intrusions, or thinner intrusions but very close to the surface, can induce surface 
fractures. In the paper by Xu et al. (2016) the dyke inferred to be emplaced during the 2009 
episode has an opening of about 2 m, while Baer and Hamiel (2010) suggest a general dyke 
opening of 1-2 m and Pallister et al. (2010) an opening from less than 1 m to a maximum of 4 
m. The dyke opening in the analogue model of Xu et al. (2016) at the time of first surface 
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fault formation is thus 30-100 times greater than that of the dyke, as modelled from 
deformation data, and 10-20 times greater than the dyke thickness calculated in the present 
paper. 
 The analogue models, even if they have little in common with the inferred dyke 
emplacement during the 2009 episode, illustrate well-known points from both field 
observations and numerical models. The first point is that there is normally little or no large-
scale faulting observed at the tips of arrested dykes (Figs. 9-12; Gudmundsson, 2003). Many 
photographs of dyke tips reaching to depths of a few metres below the surface, such as from 
eruptions in Iceland and Hawaii, also fail to show large-scale grabens; well-known examples 
being the 2011 eruption in Kilauea and the 1980 eruption in the Krafla volcano in North 
Iceland. Some feeder-dykes and non-feeders, however, are associated with grabens; but the 
question remains whether the dyke-generated stresses induced the graben or whether the 
regional extension that is responsible for the dyke injection in the first place also generated 
the stresses suitable for graben formation. It is well known that most grabens worldwide, in 
sedimentary basins, in lava piles, and elsewhere are generated by stress fields that have 
nothing to do with dyke injections. Also, in volcanic areas such as Iceland, where grabens 
and normal faults are common, dykes are comparatively rare where normal faults are 
common, and vice versa (Forslund and Gudmundsson, 1991). The ‘graben’ in Harrat 
Lunayyir is located at the top of a regional dome, a ridge, which is 30 km wide and rises 
some 300 m above the surrounding areas (Baer and Hamiel, 2010).  Thus, regional doming, 
presumably related to magma-pressure changes in a deep-seated reservoir beneath the area, 
may have contributed to the fracture formation during the 2009 episode, in addition to any 
contribution from the inferred dyke. Doming and general spreading in volcanic areas is a 
common reason for fracture formation, particularly the formation of tension fractures and 
normal faults (Gudmundsson, 1987; cf. Gudmundsson, 1999, 2017).  
 The second point is that most of the numerical models presented here indicate 
comparatively low surface stresses when there is any reasonable layering of the crust (Figs. 
16-24). The only layered models that indicate high enough stresses so as to generate surface 
fractures are those where the dyke tip is arrested at a very shallow depth, namely at the depth 
of 300 m (Figs. 18 and 21). In many cases, to initiate surface fractures the dyke tip would 
have to be even shallower because the overpressure used here, 6 MPa, is comparatively high 
for a basaltic dyke at a shallow depth in a continental crust. Negative buoyancy (Eq. 2) of 
basaltic magma in the uppermost kilometres of a continental crust may reduce the 
overpressure to a few mega-pascals. Also, layering may reduce the dyke-induced surface 
stresses, even for dyke tips at the shallow depth of 300 m, to very low values (Fig. 24).  
 As for the 2009 episode, the dyke continued to expand or inflate after it became arrested 
(Xu et al., 2016). This indicates that the dyke did not become arrested because of declining 
overpressure (driving pressure) or because of cooling of its front – mechanisms that are often 
proposed for dyke arrest – but rather though one of the three principal mechanisms discussed 
above. That is, the arrest of the dyke was most likely due to one, or a combination, of the 
following mechanisms: Cook-Gordon delamination, stress barrier, and elastic mismatch. All 
these mechanisms depend on the dyke tip meeting a contact where the arrest occurs – as is, 
indeed, the most commonly observed condition for dyke arrest in the field (Figs. 9-12; 
Gudmundsson, 2003, 2011b). Thus, because the mechanical conditions at and above the 
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contact where the dyke becomes arrested do not allow the dyke to continue on its vertical 
path, irrespective of its overpressure, the dyke can expand and still stay arrested.  
 Since the dyke continued to expand after it became arrested, it must have maintained its 
connection with its source reservoir. The depth to the source reservoir is not well constrained 
but thought to be somewhere between 20 km and 35 km (Xu et al., 2016). Despite the fact 
that the dyke must have extended to the depth of at least 20 km, and perhaps 35 km, elastic 
half-space dislocation modelling detects dyke opening primarily between the depth of 2 km 
and 7 km, with a maximum opening of 2.3 m, with little modelled opening below 7 km (Xu 
et al., 2016). Similarly, little opening was detected above 2 km, even if the top of the dyke, in 
that model, is assumed to have reached the depth of 1 km below the surface.  
 These results indicate that a dislocation in an elastic half space is a poor model for the 
dyke. Not only is it clear that the model captures basically only a part of the vertical dyke 
dimension (the uppermost part and the lower half or two-thirds are mostly missing from the 
model), but the model cannot explain why the dyke became arrested in the first place. Graben 
subsidence may contribute to dyke arrest (Gudmundsson, 2003), but in the 2009 episode 
there was no real graben subsidence because there were no major normal-fault slips at the 
eastern boundary of the ‘graben’, only tension fractures. For an overpressured dyke such as 
here, witness its continued expansion subsequent to arrest, the only known effective 
mechanisms of arrest are the three listed above, and all require mechanical layering with 
contacts in-between the layers. In the elastic half-space dislocation model there is absolutely 
no reason why the dyke should not have reached the surface. The fact that the dyke did not 
reach the surface clearly indicates a strong layering and local stresses that contributed to its 
arrest.  
 Some authors simulate the dyke geometry by dividing the dislocation model into 1 km × 
1 km segments or patches, so as to allow for variation in dyke opening. That approach has 
been used for the dyke emplaced in Harrat Lunayyir in 2009 (Xu et al., 2016). Field 
measurements of regional dykes of these types, however, show that the thickness variations 
along strike is generally on the length scale of tens of metres (Delaney and Pollard, 1981; 
Gudmundsson et al., 2012). The tens-of-metre thickness variation along strike can sometimes 
been ‘smoothed’ to one to a few hundred metres (Delaney and Pollard, 1981), but we are not 
aware of any dykes that fit with the kilometre-scale thickness variation along strike. The 
measured strike variations in the examples cited above are mostly in mechanically similar 
host rocks (basaltic lava flows in Iceland and sedimentary rocks in the USA), so that the 
thickness variation is less than would be in case of greater heterogeneity in the mechanical 
properties of the host rock in the direction of strike. Variations on the scale of tens of metres 
in the opening and/or displacement on many kilometre long normal faults are also common 
and widely observed (Gudmundsson, 2011a). Such variations in displacements on fractures 
of any size are perhaps best analysed through Fourier series (Kusumoto and Gudmundsson, 
2014). 
 The mechanical host-rock variations are normally much greater in the dip direction than 
in the strike direction. This follows because the host rock is layered, with great differences in 
stiffness between the layers (e.g., Figs. 9, 10, and 12). The real mechanical layering – 
primarily the variation in stiffness or Young’s modulus – basically coincides with the natural 
layering of the rocks as seen in the field in young and highly active volcanic zones and fields 
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- although in seismic layering, grouping together many similar rock layers is common. For a 
typical lava pile, the lava thicknesses are commonly 5-20 m and that would correspond to the 
main thickness variation in the dyke. Occasionally, there are thick pyroclastic or pahoehoe 
layers or intrusions, some of which may exceed one hundred metres in thickness, and the 
dykes could be of essentially uniform thickness inside some of those layers or units. Also, as 
a volcanic zone evolves, some mechanical layers or units may become thicker though 
mechanical homogenisation of the layers (Gudmundsson, 2011a), and dykes that dissect such 
layers/units may show litttle thickness variation in the dip direction for several hundred 
metres. But this applies to few and late-formed dykes in any given volcanic area – and 
primarily basaltic lava piles. Thus, normally, the thickness variation in the dip direction 
scales with the thicknesses of the layers that constitute the host rock, most commonly on the 
order of metres to one to a few tens of metres. Dividing dyke-dislocation models into patches 
of one square kilometre is thus normally not in harmony with the actual thickness variation of 
the dyke.  
 
9.3 Interpretation of the 2009 episode 
 
Based on the discussion above, as well as our field observations, analytical models, and 
numerical models, we interpret the 2009 Harrat Lunayyir episode as follows. 
 
1. There was a regional dyke injection during the episode. The dyke had plenty of 
overpressure (driving pressure) so as to be potentially able to reach the surface, but 
became arrested at a shallow depth – most likely at a depth of a few hundred metres 
below the surface.  
2. The arrest, almost certainly, occurred as the dyke tip met a contact between 
mechanically dissimilar layers. The detailed mechanism of arrest was one, or a 
combination, of the following: Cook-Gordon delamination, stress barrier, and elastic 
mismatch.  
3. We estimate the dimensions of the dyke from seismic and geodetic data provided in 
the cited literature on this episode, combined with well-tested fracture-mechanics 
models and field studies of regional dykes. Our results as regards strike dimension 
(length) and dip dimension (height) are similar to those of earlier studies. We 
conclude that the strike dimension is about 14 km and the dip dimension at least 20 
km. For the shallow depth of the dyke, the top parts, we estimate the maximum 
thickness in the range of 5.8-11.6 m or, given the inaccuracy in the estimated Young’s 
moduli and overpressure, somewhere between 6 and 12 m. This is in contrast to the 
maximum thickness of 2-2.3 m obtained in earlier studies. However, our results fit 
much better with actual field measurements of the length/thickness ratios of regional 
dykes worldwide.  
4. The tip of the dyke became arrested, not at a depth of 1-2 km, but rather at a depth of 
a few hundred metres. Our numerical and analytical results indicate that a dyke 
arrested at 1-2 km depth, as suggested in earlier studies, in a reasonably layered crust 
and with a typical magmatic overpressure could not induce significant fracture 
formation at the surface.  
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5. From the size and shape of the zone of fractures at the surface (Fig. 8) we conclude 
that a single dyke, whether its tip was arrested at 1 km or at 300 m depth, could not 
have induced all the fractures. This follows from the distance between the peaks of 
the surface stresses/surface deformation induced by a dyke – in the absence of an 
open contact - being roughly double the depth to the tip of the dyke (Figs. 12-24). 
This means that a dyke with an arrested tip at 1 km depth could explain a 2-km-wide 
fracture zone at the surface, and a dyke with a tip at 300 m depth could explain a 0.6-
km-wide fracture zone.  Since the ‘graben’ or fracture zone generated in the 2009 
episode is 3 and 7 km wide, the dyke tip would have to be as deep as 3.5 km to 
generate it, and the stresses induced by such a deep dyke in a reasonably layered crust 
are simply far too low to generate the observed fractures.  
6. Based on the inferred strike of the dyke, if not its inferred location (Fig. 8), we incline 
to the view that some of the fractures on the eastern side of the fracture zone or 
‘graben’ were initiated by the dyke-induced stresses. Many of these are tension 
fractures, and their overall direction fits reasonably well with the inferred strike of the 
dyke. The projection of the dyke onto the surface, however, is likely to be in an error 
if this interpretation is correct, meaning that the real dyke was located somewhat 
further to the east. By contrast the directions of the fractures on the western side of the 
fracture zone fit poorly with the inferred strike of the dyke. The local direction of 
extension in the uppermost layers, above the dyke, may have been different from 
those in some or all the layers through which the dyke propagated. Rotations of the 
strike of the minimum principal stress σ3 are common in layered rocks and well 
known from sedimentary basins and volcanic rift zones (Gudmundsson, 2011a). Such 
a rotation, if it occurred, would contribute to the condition for dyke arrest and also to 
the variation in the orientation of normal faults and tension fractures seen in Fig. 8.  
7. One possibility that might be considered for the dyke to have induced all the fractures 
is a weak contact at shallow depths that opens up as the dyke approaches (basically 
the Cook-Gordon delamination). Then the stresses induced by the dyke concentrate at 
and above the lateral ends of the contact (Gudmundsson, 2003), so that, theoretically, 
the distance between the stress peaks could be anywhere between 3 km and 7 km (or 
wider or narrower depending on the lateral dimension of the open contact). However, 
for such conditions, the stress peaks at the surface are commonly narrow – a few 
hundred metres – and low in magnitude (Gudmundsson, 2003), and would thus not 
ideally fit with the 2-3 km wide zone of fracture formation on the eastern side of the 
fracture zone in Fig. 8. 
8. In this interpretation, a considerable part of the surface fracturing relates to the 
tectonic stresses in the Harrat Lunayyir area. Relative tension due to some sort of 
spreading and/or doming (the fracture zone/graben is in the top of a 30 km wide 
volcanic ridge rising 300 m above its surroundings (Baer and Hamiel, 2010)), is 
normally a necessary condition for a dyke to form in the first place (Gudmundsson, 
2011a). Thus, before the dyke was injected, there existed a local stress field in the 
area that favoured the formation of normal faults and tension fractures. As the dyke 
propagated to shallower depths, the local stresses became concentrated in the strip of 
land above the tip of the dyke. And these stresses are in addition to any stresses 
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induced by the magmatic overpressure in the dyke. Depending on the layering and 
contacts above the dyke, these stresses could have generated normal faults and/or 
tension fractures, in additions to those directly induced by the magmatic overpressure 
of the dyke itself.  
 It is perhaps worth emphasising that in volcanotectonic rift zones, dyke intrusion, tension 
fracturing and normal faulting all connect to the same general loading; namely, horizontal 
extension across the rift zone. Thus, all these types of fractures occur in rift zones, and often 
simultaneously during volcanotectonic events, without one type of fracture necessarily 
triggering another type. It is worth remembering that the formation of most grabens, and 
normal faults in general, has nothing to do with dyke emplacement. Sedimentary basins are 
characterised by normal faults and numerous grabens, few if any of which have anything to 
do with dykes. Thus, as indicated in point 9 above, normal faults, grabens, and dykes partly 
due to loading through extension, either spreading of some sort or doming or both.  
 An additional point concerns the difference between half-space models and layered 
models. In this paper we show that the calculated surface stresses depending strongly on the 
assumed layering of the crust hosting the dyke. In particular, elastic half-space models, which 
assume that the crust is non-layered and thus use a uniform average Young’s modulus, yield 
much higher tensile and shear stresses at the surface, for a given dyke overpressure or 
opening and depth, than models with a crust of alternating stiff and comparatively soft 
(compliant) layers.  
 One consequence of using elastic half-space models is that they tend to underestimate the 
thicknesses of the dykes supposed to induce the surface stresses and deformation. This 
follows because in half-space models the assumed uniform Young’s modulus for the entire 
crustal segment hosting the dyke is normally much higher than that of the actual shallow 
layers close to the surface of an active volcanic zone or a volcano. Since there are no soft or 
compliant pyroclastic, sedimentary, or soil layers in the half-space model, there is no major 
stress dissipation; the models thus  exaggerate the stresses transferred to the surface, and the 
associated deformation (cf. Figs. 13-15 and Figs. 22-24). Consequently, in a half-space model 
a thin dyke (normally a dyke with a low overpressure for its given dimensions) at a 
comparatively large depth can induce large stresses and deformation at the surface. Half-
space models thus yield length/thickness or length/height (aspect) ratios of dykes that 
disagree with direct field studies of dykes as well as with standard fracture-mechanics 
models.  
  
10. Summary and conclusions 
 
The main conclusions may be summarised as follows. 
 Mechanical layering has great effects on dyke-induced stresses and associated surface 
deformation. Even if the layering details are commonly unknown for volcanic areas, 
adding plausible general layering, using information from field observations of 
similar, well-exposed fossil volcanic zones, is likely to yield more realistic results as 
to surface stresses and deformation than non-layered models such as elastic half-space 
models.  
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 Half-space models, such as are commonly used for modelling arrested dykes, can be 
highly misleading, especially as regards dyke thicknesses. In particular, these models 
tend to (1) underestimate the dyke thickness so as to yield length (strike)/thickness 
ratios that are much larger than actually observed in the field and (2) overestimate the 
likely depth to the tip of a dyke that is supposed to induce a particular surface 
deformation.  
 In the absence of mechanically weak (low tensile strength) or open contacts, the 
distance between the two dyke-induced surface stress peaks, tensile and shear stresses 
(and thus, normally, the main surface fractures, if formed) is roughly double the depth 
to the tip of the arrested dyke. In a reasonably layered volcanic zone/volcano, a 
typical dyke would rarely induce fractures (if at all) until its tip was as shallow as a 
few hundred metres or less. This means that any graben or fracture zone induced by 
the dyke would normally not be wider than several hundred metres.  
 In case there is an open contact between layers of the host rock of the dyke, the depth 
to the dyke tip has no relation to the distance between the stress peaks or graben width 
at the surface.  
 As for the 2009 Harrat Lunayyir episode, we conclude that both dyke emplacement 
and normal faulting were partly triggered by a regional extensional loading. 
Furthermore, part of the surface fracturing was the result of dyke-induced stresses. 
Based on inferred dyke orientation in relation to the fracture pattern, it is likely that 
primarily the fractures on the eastern side of the fracture zone/graben where thus 
formed. 
 Based on numerical results, we infer that the dyke tip became arrested at a depth of 
only a few hundred metres. This means that the hazard during the 2009 episode was 
considerable since the dyke propagation halted only a few hundred metres below the 
surface. Most likely, the dyke became arrested at a contact between layers of widely 
different mechanical properties. This follows partly because the dyke thickness 
continued to increase after it became arrested, and yet the tip was not able to break 
through the arrester.  
 From the inferred depth of the dyke dip it follows that the dyke-induced zone of 
fractures at the surface is most likely several hundred metres wide. We conclude that 
the dyke, on its own, could not have generated the entire 3-7 km wide fracture zone 
associated with the 2009 episode. Much of that fracturing must be directly related to 
the regional extension and/or doming in the area. 
 Using analytical models, we estimate that thickness of the dyke at shallow depths as 
being in the range of 6-12 m. From seismic data we infer the strike dimension (length) 
of the dyke as 14 km and the dip dimension or depth as in excess of 20 km. From 
these results we calculate the length/thickness ratio of the dyke as between about 2400 
and 1200, which is similar to the results of field measurement of the length/thickness 
ratios of dykes exposed at shallow depths in many palaeovolcanic zones.  
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